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Abstract  
  
 A global 3D marine ecosystem model with several key phytoplankton functional 
groups, multiple limiting nutrients, explicit iron cycling, and a mineral ballast/organic 
matter parameterization is run within a global ocean circulation model.  The coupled 
biogeochemistry/ecosystem/circulation (BEC) model reproduces known basin-scale 
patterns of primary and export production, biogenic silica production, calcification, 
chlorophyll, macronutrient and dissolved iron concentrations.  The model captures 
observed High Nitrate, Low Chlorophyll (HNLC) conditions in the Southern Ocean, 
subarctic and equatorial Pacific.  Spatial distributions of nitrogen fixation are in general 
agreement with field data, with total N-fixation of 55 Tg N.  Diazotrophs directly account 
for a small fraction of primary production (0.5 %) but indirectly support 10 % of primary 
production and 8 % of sinking particulate organic carbon (POC) export.  Diatoms 
disproportionately contribute to export of POC out of surface waters, but CaCO3 from the 
coccolithophores is the key driver of POC flux to the deep ocean in the model.  An iron 
source from shallow ocean sediments is found critical in preventing iron limitation in 
shelf regions, most notably in the Arctic Ocean, but has a relatively localized impact.  In 
contrast, global-scale primary production, export production, and nitrogen fixation are all 
sensitive to variations in atmospheric mineral dust inputs.  The residence time for 
dissolved iron in the upper ocean is estimated to be a few years to a decade.  Most of the 
iron utilized by phytoplankton is from subsurface sources supplied by mixing, 
entrainment, and ocean circulation.  However, due to the short residence time of iron in 
the upper ocean, this subsurface iron pool is critically dependent on continual 
replenishment from atmospheric dust deposition and, to a lesser extent, lateral transport 
from shelf regions. 
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Introduction 
 

Growing appreciation for the key roles played in ocean biogeochemistry by 
phytoplankton functional groups and trace metal limitation is leading to a new generation 
of more sophisticated, coupled ocean biological, chemical, and physical models (e.g., 
Doney, 1999; Doney et al., 2001; 2003). Here we present solutions from one such global 
3-D model developed by embedding the upper ocean ecosystem model of Moore et al. 
(2002a; 2002b; METa and METb hereafter, respectively) and an expanded version of the 
biogeochemistry module developed as part of the Ocean Carbon Model Intercomparison 
Project (OCMIP) (Doney et al., 2001; 2003) into the ocean circulation component of the 
Community Climate System Model (CCSM) (Gent et al., 1998; Blackmon et al., 2001). 
Our focus is on the skill of this coupled biogeochemistry/ecosystem/circulation (BEC) 
model at representing the observed basin-scale patterns of biomass, productivity, 
community structure, and carbon export as well as the sensitivities of those patterns to 
changes in external forcing (e.g., atmospheric dust/iron deposition).  

Shifts in the size-structure and composition of phytoplankton communities can 
strongly influence carbon cycling in surface waters and export to the deep ocean.  Under 
strongly nutrient limiting conditions, ecosystems are often characterized by small pico- 
and nano-sized phytoplankton (more efficient at nutrient uptake than larger 
phytoplankton), strong grazing pressure from microzooplankton, high particulate organic 
carbon (POC) recycling, and low vertical carbon export. Larger phytoplankton, such as 
diatoms, typically grow quickly under light and nutrient replete conditions and 
experience less grazing pressure. Thus, diatoms often dominate episodic blooms and are a 
major contributor to the POC sinking flux from surface waters (Buesseler, 1998).  
Coccolithophores are another common component of blooms, particularly in temperate 
waters. These phytoplankton form external platelets of calcium carbonate (CaCO3), a key 
process affecting carbonate cycling in the oceans that can influence surface water pCO2 
concentrations and air-sea flux (Holligan et al., 1993; Robertson et al., 1994).  The 
mineral ballast produced by diatoms and coccolithophores also may enhance carbon 
export to the deep ocean (Armstrong et al., 2002; Klaas and Archer, 2003). Diazotrophs, 
phytoplankton capable of fixing N2 gas into more bioavailable nitrogen forms, represent a 
key source of new nitrogen in warm tropical/subtropical regions (Karl et al., 1997; 
Capone et al., 1997; Karl et al., 2002; Kustka et al., 2002).  

Each of these functional groups of phytoplankton are represented in our 
ecosystem module (METa; METb). Previously, we validated a version of the model 
running in a simple, surface layer physical framework against a diverse set of field 
observations from nine JGOFS and historical time series locations (METa), satellite 
observations and global nutrient climatologies (METb). The simplified vertical treatment, 
absence of horizontal advection, and prescribed subsurface nutrient concentrations were 
limitations in these simulations, problems alleviated here in the full 3-D implementation. 
 The BEC model includes explicit iron cycling with external sources to the oceans 
from mineral dust deposition and shallow water sediments.  The importance of iron as a 
key regulator of phytoplankton growth and community structure in the oceans is well 
established, particularly for the High Nitrate, Low Chlorophyll (HNLC) regions (i.e. 
Martin et al., 1991; Price et al., 1994; de Baar et al., 1995; Coale et al., 1996, Landry et 
al., 1997; Boyd and Harrison, 1999).  Basin- and global-scale ecosystem modeling 
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studies have been published during the past decade, but most have not included iron as a 
limiting nutrient (i.e., Sarmiento et al., 1993; Six and Maier-Reimer, 1996; Oschlies and 
Garçon, 1999; Bopp et al., 2001; Palmer and Totterdell, 2001).  Iron cycling has been 
included in ecosystem local 1-D simulations (Chai et al., 1996; Loukos et al., 1997; 
Leonard et al., 1999; Lancelot et al., 2000) and has recently been included in a 3D 
ecosystem and circulation model of the equatorial Pacific (Christian et al. 2002) and in 
two global scale simulations (Aumont et al., 2003; Gregg et al., 2003).   

  Significant uncertainties surround the biogeochemical cycling of iron in the 
oceans (Johnson et al., 1997; Fung et al., 2000; Johnson et al., 2002).  Johnson et al. 
(2002) summarize a number of outstanding questions regarding the effects of speciation, 
organic ligands and bioavailability; cellular and detrital iron quotas (i.e., Fe/C ratios); 
factors that control the rates of adsorption to particles (abiotic scavenging); and the 
magnitude of external sources of iron from mineral dust deposition/dissolution and ocean 
sediments. In order to simulate the ocean iron cycle we have had to make simplifying 
assumptions in regard to each of these issues. For example, we assume that the dissolved 
iron pool is completely bioavailable to all phytoplankton without regard to speciation or 
ligand dynamics. These assumptions are necessary at present to begin to incorporate iron 
dynamics into models of ocean biogeochemistry. However, we recognize that many of 
the key processes are crudely parameterized and may need to be modified as 
understanding improves. 

In this work, our emphasis is on annual ecosystem dynamics, carbon fluxes, and 
iron biogeochemistry in the upper few hundred meters of the water column at the global 
scale.  Results are presented from an initial 24-year control simulation and several 
sensitivity experiments.  Simulated upper ocean nutrient concentrations and ecosystem 
dynamics approach a relatively stable, repeating seasonal cycle, after ~10 years, and we 
presents results from the final year.   The timescale for the deep ocean to reach dynamical 
equilibrium is much longer, on the order of several thousand years, and the interaction of 
the coupled model on deep ocean nutrients will be a focus of future work. Similarly we 
will address seasonal timescale variations in phytoplankton biomass and nutrient 
limitation and detailed comparisons between the model output and field data collected at 
the JGOFS and historical time series locations elsewhere. 
 
Methods 
 
Ecosystem Implementation 
 The ecosystem model includes the nutrients nitrate, ammonium, phosphate, 
dissolved iron (dFe), and silicate (dSi); four phytoplankton functional groups; one class 
of zooplankton; dissolved organic matter (DOM); and sinking particulate detritus.    
Coccolithophores (and CaCO3 production) are included implicitly as a variable fraction 
of the small phytoplankton group.  The ecosystem model and its behavior in a global 
surface mixed-layer model are described in detail in  METa and METb.  Here we focus 
on differences between this implementation and METa.  For further details the reader is 
referred to METa.   
 The original ecosystem model allows for variable elemental ratios in all 
components of the ecosystem, and phytoplankton growth is modeled according to a  
dynamic growth (internal cellular quota) parameterization based on Geider et al. (1998).  
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The current model assumes fixed C/N/P elemental ratios within phytoplankton groups 
and zooplankton, and a fixed Fe/C ratio in zooplankton, significantly reducing the 
number of advected tracers and computational costs. Phytoplankton Fe/C ratios and 
diatom Si/C ratios are allowed to vary based on ambient nutrient concentrations.  We 
simulate explicit C, Fe, and chlorophyll pools for each phytoplankton group, and an 
explicit Si pool for diatoms.  Phytoplankton growth is parameterized according to a 
balanced growth model with C/N/P ratios at modified Redfield values (117/16/1) for 
diatoms, small phytoplankton, zooplankton, and sinking detritus based on Anderson and 
Sarmiento (1994).  The ratio for diazotrophs is set at 329/42/1 to reflect the high C/P 
ratios observed for Trichodesmium (N/P of 45, Letelier and Karl, 1996), with the same 
C/N ratio as the other groups.  All elemental ratios are allowed to vary within DOM. 
 Phytoplankton growth rates are set by modifying the maximum growth rate for 
each functional group by whichever nutrient is most limiting for that group (lowest 
concentration relative to uptake half-saturation constants) and light.  These limitations are 
multiplicative so phytoplankton can be light-nutrient colimited.  Chlorophyll content and 
photoadaptation are based on Geider et al. (1998) with some modifications (METa).  A 
temperature relationship with a q10 factor of 2.0 (Doney et al., 1996) is used that reduces 
rates more strongly at low temperatures than in METa.  This improves seasonal patterns 
of production and biomass at high latitudes.  Ecosystem parameters are listed in Table 1. 
 Model phytoplankton are allowed to adapt to low available iron levels with some 
plasticity in their Fe/C ratios (Sunda and Huntsman, 1995; Sunda, 1997).  Variable Fe/C 
ratios are implemented by subtracting iron due to phytoplankton loss terms (e.g., grazing, 
mortality) at the current Fe/C ratio (Qfe) for each group and then adding new biomass at 
a growth Fe/C ratio (gQfe) determined by ambient iron concentrations and the iron 
uptake half-saturation constant for each group. Optimum Fe/C ratios (Qfeopt) are set for 
each group and are used when dissolved iron is plentiful relative to the half-saturation 
constant (dFe > 2 * Kfe).  These optimum ratios are 6 µmol/mol for diatoms and small 
phytoplankton (METa) and 48 µmol/mol  for diazotrophs (Berman-Frank et al., 2001; 
Kustka et al., 2002; submitted).  As dFe falls below two times the half-saturation 
constant, the growth Fe/C ratio is reduced as gQfe = Qfeopt * dFe /( 2 * Kfe).  A 
minimum Fe/C ratio of 2.5 µmol/mol is imposed for diatoms and small phytoplankton, 
and a minimum of 14 µmol/mol is set for diazotrophs (Kustka et al., 2002).  Some 
phytoplankton species are capable of luxury uptake of iron, leading to high Fe/C ratios, 
but luxury uptake is not included.  A fixed Fe/C of 2.5 µmol/mol is set for zooplankton, 
and if grazed material has higher Fe/C ratios the excess is released as dissolved iron. 
 Diatom Si/C and Si/N ratios increase under iron-stressed conditions (Takeda, 
1998; Hutchins et al., 1998), possibly linked to reduced growth rate through the cell cycle 
(Martin-Jézéquel et al., 2000).  Diatoms also can significantly reduce their silicification 
levels under silicon-limited conditions (Rageneau et al., 2000).  We allow for both 
adaptations in the model with variable Si/C ratios implemented in a manner similar to 
Fe/C.  An optimum Si/C ratio (Qsiopt) of 0.137 (mol/mol) is used under nutrient-replete 
conditions (Brzezinski, 1985).  When iron uptake is limited by available dFe and silicate 
uptake is not, the Si/C ratio for new biomass is increased up to a maximum value of 
0.685, according to gQsi = (Qsiopt * Kfe / dFe) * 5.0) - 0.2.  This results in a steep 
increase in Qsi as iron decreases, reaching the maximum value when dFe = 0.13 nM.  If 
dissolved silicate uptake is significantly limited (dSi < 2.0 * Ksi), then Si/C is not 
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increased under low iron, and the growth Si/C ratio decreases as gQsi = Qsiopt * dSi /(2.0 
* Ksi), to a minimum value of 0.0685.  Aumont et al. (2003) utilized a somewhat similar 
parameterization of a variable Si/C ratio, reduced under low Si and increased under low 
ambient iron concentrations. 
 Calcification is parameterized in a manner similar to METa based on the known 
ecology and global distributions of coccolithophores (Iglesias-Rodriquez et al., 2002). 
The base calcification rate (CaCO3prod), set at 2.4 % of the small phytoplankton primary 
production rate, is adjusted downward under nutrient-limited or low-temperature 
conditions.  We decrease the production of  CaCO3 at low temperatures based on 
observations that coccolithophores are rarely found in cold polar waters.  Iglesias-
Rodriguez et al. (2002) found that coccolithophore blooms were most often observed at 
temperatures between 5 - 15 oC in satellite data, and were rarely found south of the 
Antarctic Polar Front (PF) in the Southern Hemisphere.  Summertime temperatures at the 
poleward edge of the PF are typically ~ 3 oC (Moore et al., 1999). Thus, we progressively 
reduce the calcification rate as temperatures fall below 5 oC as CaCO3prod = CaCO3prod * 
(TEMP + 2.0) / 7.0.  We decrease calcification under strongly nutrient-limiting 
conditions and increase calcification when the small phytoplankton group is blooming to 
try and capture the community composition typically associated with these conditions in 
the field.  When nutrients are scarce, coccolithophores will tend to be  outcompeted by 
smaller picoplankton that are more efficient at nutrient uptake. Coccolithophores are 
often a dominant component of non-diatom blooms, particularly in mid-latitude 
temperate regions (Iglesias-Rodriquez et al., 2002).  Thus, under bloom conditions, when 
the small phytoplankton biomass exceeds 3.0 µM carbon, the calcification rate is 
increased (up to a maximum of 40 % of the small phytoplankton primary production) as 
CaCO3prod = CaCO3prod * (sphytoC / 3.0).   Currently the model does not explicitly 
include calcification by other organisms. 
 A single zooplankton pool grazes on all phytoplankton groups, with grazing 
parameters and the routing among remineralization and the detrital pools varying 
depending on the type of prey being consumed (METa). Thus, our single zooplankton 
class is able to capture some ecological aspects of both microzooplankton and 
macrozooplankton.  Fieldwork suggests that small phytoplankton experience much 
stronger grazing pressure from microzooplankton than do the other phytoplankton groups 
(i.e., Sherr and Sherr, 1988). Maximum grazing rates are set higher for the small 
phytoplankton group, though parameters are such that it is possible for them to escape 
grazing control and bloom under optimal growth conditions.  Grazing rates are lower and 
more material is routed to sinking detritus when diatoms are eaten, reflecting generally 
larger predators (e.g., copepods) and sinking fecal pellet production.  The appendix gives 
details of the routing of materials from phytoplankton and zooplankton mortality - 
between sinking particulate organic matter, suspended/dissolved organic matter, and 
remineralization to inorganic nutrient pools. 
 
Remineralization of Detrital Pools 
 The suspended/dissolved organic matter pool (DOM) in the oceans can be broken 
into roughly three components: a labile pool that is remineralized quickly on a timescale 
of hours to days, a semi-labile pool that is remineralized on a timescale of months, and a 
refractory pool that has a lifetime of decades to thousands of years and accounts for the 
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large DOM concentrations in the deep ocean (i.e., Carlson, 2003).  In the model, the 
labile DOM pool generated by, for example, phytoplankton excretion is instantly 
remineralized to inorganic nutrients. The remaining production of DOM is assumed to be 
semi-labile and remineralizes with a lifetime of ~100 days. Thus, semi-labile DOM can 
build up in surface waters over seasonal timescales and be exported from the euphotic 
zone.  The 100-day timescale was chosen to give reasonable seasonal build ups of DOC 
given our particular routing of materials between instant remineralization, dissolved 
organic pools, and sinking particulate detrital pools (see Appendix).  As we ignore the 
refractory portion of the DOM pool, little DOM is exported to deep waters, and deep 
ocean concentrations are negligible.  The treatment of DOM in the model is admittedly 
crude at present.  Future work will seek to improve the representation of DOM. 
 Sinking detrital organic and mineral ballast pools instantly sink and remineralize 
at depth in the same grid point where they originate. Fast-sinking particles could not 
advect far from their source location due to slow current speeds at depth and our coarse 
resolution.  As the sinking particulate pool is now implicit, it is not grazed by 
zooplankton as in METa.  Remineralization at depth is prescribed based on the mineral 
ballast model of Armstrong et al. (2002).  Organic matter entering the sinking detrital 
pool is divided into a “free” organic fraction (easily remineralized) and a mineral ballast 
associated fraction, which remineralizes deeper in the water column with the 
corresponding mineral dissolution. A portion of each mineral ballast (and its associated 
POM) is assumed to be fast sinking and resistant to degradation and thus to sink to the 
bottom of the ocean before remineralization.   
 Mineral ballast consists of dust from the atmosphere, CaCO3 from the 
coccolithophores, and biogenic silica (bSi) from the diatoms.  Three parameters are set 
for each ballast type: 1) the mass ratio of associated organic carbon/mineral ballast; 2) the 
ballast dissolution length scale of the "soft" ballast fraction; and 3) the “hard” ballast 
fraction that mostly dissolves in the bottom model cell (assigned a very long, but not 
infinite, remineralization length scale of 40,000 m in our simulations). In addition, there 
is a remineralization length scale for the “free” POM.  The organic carbon/mineral ballast 
mass ratios are based largely on the sediment trap analysis of Klaas and Archer (2002). 
The remineralization length scales for “free” POM and bSi increase with decreasing 
water temperature using the temperature rate function from the ecosystem model. The 
dissolution of bSi is known to be strongly influenced by temperature, and significantly 
steeper temperature functions have been used (e.g., Gnanadesikan, 1999).  The mineral 
ballast model parameter values are presented in Table 2.  The sinking detrital pool has 
variable Dust/bSi/CaCO3/C/Fe ratios with C/N/P fixed at Redfield values.  As described 
in the Appendix, 10 % of scavenged iron is added to this sinking pool.  Dissolved iron is 
released as portions of the sinking dust pool dissolve/remineralize at depth assuming an 
iron content of 3.5 % by weight.  The current simulations are too short to examine how 
the mineral ballast model influences deep ocean nutrient distributions over long 
timescales.   
 
Iron Cycling 
 We make a number of simplifying assumptions to incorporate iron dynamics. All 
dissolved iron is assumed available for uptake by phytoplankton with no regard for 
speciation or ligand interactions.  In METa, nutrient concentrations below the surface 
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mixed layer were held constant. Iron scavenging rates were set high where dissolved iron  
exceeded 0.6 nM, the high dust deposition regions, and at a low background rate 
elsewhere. Initial experiments with the 3D model showed this background rate was much 
too low, leading to a rapid buildup of dissolved iron in the upper few hundred meters of 
the water column in many regions.  It is this scavenging onto particles and subsequent 
removal that keeps subsurface nutrient pools deficient in iron relative to macronutrients. 
Thus, scavenging rates for dissolved iron have been increased significantly over those in 
METa and are parameterized as a more complicated function of sinking particle flux 
(dust and Particulate Organic Carbon (POC)), standing particle concentration (POC 
pools), and the ambient iron concentration (see Appendix).   
 The model is forced with a simulated dust climatology, over the period 1979-
2000, validated against measurement sites around the globe (Luo et al., 2003). The 
fraction of iron that dissolves upon surface dust deposition is uncertain and likely varies 
depending on atmospheric processing and deposition pathway (wet vs. dry) (Jickells and 
Spokes, 2001), but little information is available at present to develop a global 
parameterization (Fung et al., 2000). Dust iron content and surface solubility are 
therefore set at fixed values of 3.5 % iron by weight and 2.0 %, respectively. In prior 
modeling efforts, iron release is assumed to occur only in surface waters (Archer and 
Johnson, Christian et al., 2002; MET, 2002; Aumont et al., 2003). However, further 
dissolution/iron release may happen deeper in the water column as the result of slow 
dissolution from fast sinking dust particles/aggregates or consumption of dust particles by 
grazers, where a substantial release of iron is likely due to low pH levels in the gut 
(Barbeau et al., 1996). To account for these processes an additional 3 % of the dust is 
prescribed to dissolve within the water column with a remineralization length scale of 
600 m.  We make this somewhat arbitrary assumption based on the idea that the 
likelihood of a dust particle passing through an animal gut is greatest in the upper water 
column and decreases at greater depths, following the general vertical distribution of 
grazer biomass. The remaining dust/iron remineralizes with a long length scale as 
described above for ballast materials (40,000 m). Sinking dust particles also act to 
scavenge dissolved iron and remove it to the sediments (Appendix).  In the upper ocean, 
the scavenging due to dust is small in most regions compared with that due to biogenic 
particles. However, in the deep ocean sinking dust particles account for a significant 
fraction of total scavenging in the model. 
 Sediments are an important source of dissolved iron to oceanic waters (Johnson et 
al., 1999; de Baar and de Jong, 2001), but little quantitative information is available for 
parameterizations of this process. In METa, we set the fixed subsurface iron 
concentrations higher in shallow regions to account for this source.  Johnson et al. (1999) 
estimated a diffusive flux out of the sediments in the coastal upwelling system off 
California (a high productivity region) at 5 µmol Fe/m2/day, noting that the iron flux 
from sediment resuspension was likely even larger. As a first, admittedly crude attempt, 
we include a uniform sediment iron source of 2 µmol Fe / m2 / day for areas where depth 
is less than 1100 m. Inputs are likely too low in shallow, highly productive regions and 
too high in deeper areas underlying lower productivity waters.  However, even this 
simple parameterization notably improves the model results in several regions. In the 
results section, we discuss the sensitivity to modifications of the sedimentary iron source.  
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Ocean Circulation Model and Atmospheric Forcings 
 The ocean circulation model is a preliminary version of the CCSM 2.0 Parallel 
Ocean Program (POP) code based on the Los Alamos National Laboratory POP V1.4.3.  
The model has 100 x 116 horizontal grid points with a resolution of 3.6 degrees longitude 
and 0.9-2 degrees latitude (higher near the equator) and a northern hemisphere pole 
rotated into Greenland. There are 25 vertical levels, and the surface layer is 12 m thick, 
with 5 levels in the upper 111 m. The model employs the Gent-McWilliams isopycnal 
mixing parameterization (Gent and McWilliams, 1990) and the KPP upper ocean model 
(Large et al., 1994).  Daily atmospheric forcings are from a four year (1985-1989) repeat 
cycle of NCEP/NCAR reanalysis data (Large et al., 1997; Doney et al., 1998). 
 
Initial Conditions and Biogeochemical Spin-up 
 Zooplankton, DOM, and phytoplankton pools are initialized uniformly at low 
values.  Initial distributions of phosphate, nitrate, and silicate are taken from annual mean 
values in the World Ocean Atlas 1998 database (Conkright et al., 1998).  Initial values for 
alkalinity, dissolved oxygen, and dissolved inorganic carbon are from the OCMIP biotic 
model simulations conducted at NCAR (Doney et al., 2001; 2003). Following a physical 
spin-up to approximately steady state, the biogeochemical/ecosystem model control and 
sensitivity runs are integrated for 24 years, with results presented here from the final year 
of the simulation. A 3rd order upwind advection scheme is employed for tracer transport. 
Small, negative values in surface concentrations arising from advection errors are treated 
as zero in the biological code and for plotting here. 
 The lack of a global dissolved iron database is a critical problem facing ocean 
biogeochemical modeling today (Johnson et al., 2002). Initially dissolved iron was set 
with summer surface values from our mixed layer model (METb) and assigned regional 
to basin-scale vertical profiles based on sparse published literature values. These depth 
profiles increased linearly from the surface concentration to 0.6 nM at depth (typically 
between 400-600 m). The deep ocean was set to a uniform initial value of 0.6 nM except 
for the high latitude Southern Ocean, where 0.4 nM is applied with a linear transition 
region from 40-50 oS.  In early simulations, mean iron concentration in the upper 111 m 
of the water column increased rapidly, roughly doubling during the first decade.  This 
increase was due to lateral spreading of the sedimentary iron source, adjustment to the 
new scavenging parameterization, and drift in subsurface iron concentrations (in many 
areas the slope with depth was not linear to 400-600 m).  Here we use the iron field from 
year 12 of a preliminary run as our initial dissolved iron distribution.  The drift in mean 
concentrations in the upper 111 m over the last 4 year forcing cycle was <1 % for all 
nutrients. 
 
Results 
 
Surface Nutrients, Chlorophyll, and Primary Production 
 Similar to our previous findings (METb), the ecosystem model captures to a large 
degree the observed, large-scale spatial patterns and seasonal cycles in key surface ocean 
metrics, including nutrient and dissolved iron concentrations (Figures 1 and 2; WOA98, 
Table 1 of METb, Johnson et al., 1997; de Baar and de Jong, 2001), surface chlorophyll 
(Figure 3; SeaWiFS), and primary production (Figure 4; SeaWiFS with VGPM 
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algorithm). Here we highlight key features, differences with the mixed layer model 
results, and remaining deficiencies. The most significant result is that the inclusion of 
explicit iron dynamics allows the model to reproduce the HNLC conditions in the 
Southern Ocean and equatorial and subarctic Pacific Ocean (METa; METb). However, 
the equatorial Pacific HNLC region is larger in spatial extent in the model than in 
observations most likely due to excessive upwelling, a common problem with coarse 
resolution models (see Discussion).   
 Surface phosphate concentrations are strongly depleted in the North Atlantic gyre  
due to substantial nitrogen fixation rates early in the simulation. Elsewhere, light and/or 
iron limitation of nitrogen fixation prevents such strong phosphate depletion. Phosphate 
concentrations are higher than observations over much of the western Pacific basin where 
the model has essentially zero surface nitrate, suggesting too little nitrogen fixation and 
phosphate drawdown. Silicate patterns at basin-scale are in broad agreement with the 
observations but with generally lower surface values (Figure 2).  The model does not 
currently include possibly important silicon sources from dust deposition and riverine 
runoff. Note the strong Amazon silicate plume in the WOA98 data (Figure 2).  
Macronutrient concentrations are lower than observations over parts of the subarctic 
North Pacific but are never fully depleted over the annual cycle.  
 Model iron concentrations exhibit significant seasonal variability at high latitudes 
and in the Arabian Sea (Figure 2).  In the Southern Ocean, wintertime iron concentrations 
range from 250-350 pM, with a summer drawdown below 150 pM in many areas, in good 
agreement with recent observations in the SW Pacific (Measures and Vink, 2001). 
Subarctic North Pacific wintertime iron concentrations are somewhat higher between 
300-350 pM, reflecting higher atmospheric iron inputs. Iron concentrations are 
perpetually very low in the Equatorial Pacific.  High iron concentrations associated with 
the mineral dust plumes from North Africa and the Arabian Peninsula (Mahowald et al., 
2003; Zender et al., 2003) peak during summer season, with large areas exceeding 1.0 
nM.  Relatively high dissolved iron concentrations also are seen over much of the Arctic 
Ocean due to the sedimentary iron source and the large shelf areas in this region. 
 Similar to satellite estimates and METb, model surface chlorophyll concentrations 
exhibit lowest levels in mid-ocean gyres and at high latitudes during winter, moderate 
levels (0.2-0.5 mg/m3) in the HNLC regions, and high levels in the Arctic and North 
Atlantic in June and in parts of the Southern Ocean in December.  Note that chlorophyll 
concentrations remain well below 1.0 mg/m3 over most of the Southern Ocean despite 
high concentrations of the macronutrients (compare with Figures 1 and 2).  In general, the 
model underpredicts chlorophyll concentrations in the eastern boundary current 
upwelling regions and in coastal waters. The physical processes associated with coastal 
upwelling are only weakly captured in our coarse resolution ocean model.  

Compared with a satellite-based estimate from the Vertically Generalized 
Production Model (VGPM) (Behrenfeld and Falkowski, 1997), model annual mean 
primary production (Figure 4) is higher in the tropical upwelling zones and over much  of 
the Southern Ocean and lower in the subpolar North Atlantic and North Pacific. Schlitzer 
(2002) suggests that VGPM underestimates production in the Southern Ocean and 
overestimates production in the North Atlantic based on an inverse modeling approach.  
Buesseler et al. (2003) also notes that the VGPM underpredicts Southern Ocean 
productivity relative to field observations along 170 oW. The productivity patterns 
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presented here are similar to our previous results (METb), except for the equatorial 
upwelling regions where production is significantly higher.   
 
Export Fluxes 

The spatial patterns of annual sinking export of particulate organic carbon (POC), 
biogenic silica, and calcium carbonate at the base of the euphotic zone (111 m depth) 
(Figure 5) are similar to those from the mixed-layer version (compare with Figures 7 and 
12, METb).  The total POC flux, however, is lower at 5.8 GtC at 111 m depth compared 
with 7.9 GtC at the base of the mixed layer in METb.  The coarse resolution GCM is not 
able to sustain such high export fluxes and is on the low end of model and observational 
estimates (Oschlies, 2001).  Note, however, that export estimates are sensitive to the 
depth chosen to define the bottom of the net production or euphotic zone as there is a 
substantial vertical gradient in POC flux with depth (sinking flux is 6.6 GtC at 49 m, see 
also Doney et al., 2003).  The POC export patterns are driven largely by diatoms (see bSi 
export) and coccolithophores (see CaCO3 export).  Annual export ratios (sinking/PP) 
range from 0.04 - 08 in the mid-ocean gyres to 0.2 - 0.38 in mid to high latitude bloom 
regions.  Antia et al. (2001) estimated annual export ratios (at 125m) ranging from 0.08 - 
0.38 from a large number of sediment trap studies throughout the North Atlantic.  Of the 
dissolved organic carbon (DOC) production of 12.1 GtC, 0.31 GtC is exported from the 
euphotic zone and remineralized below 111 m (0.49 GtC below 49 m) mainly at high 
latitudes where there is deep convective mixing in winter.   
 Most of the model sinking POC pool (global average of 93.4 %, at 111 m) is in 
the easily degraded “free” POC fraction, with remineralization length scales varying 
between 70-643 m (dependent on temperature).  The remaining fraction (6.6 %) 
associated with mineral ballast (Armstrong et al., 2002) has much longer remineralization 
length scales (see Table 2), strongly influencing the POC flux to the deep ocean. The 
amount of POC associated with each ballast type is a function of the model 
parameterization, the atmospheric dust deposition, and the CaCO3 and bSi production 
from the ecosystem model.  At 111 m depth, 57.6 % of the bound POC is associated with 
CaCO3, 34.2 % with bSi, and 8.2 % with sinking dust particles. This is partially a 
function of the prescribed higher organic C/ ballast ratio for CaCO3 (Table 2). Thus 
CaCO3 flux dominates transport of organic carbon to the deep ocean in the model.  A 
reasonable range for the calcification/photosynthesis ratio for coccolithophores is 0.2-1.0 
(Robertson et al., 1994; Balch et al., 1996).  This range implies coccolithophores in the 
model account for ~1 - 4 % of primary production.  In contrast diatoms contribute 46 % 
of sinking POC export out of the euphotic zone (including “free” and ballast associated 
fractions) and 32 % of total primary production (compared with 24 % in METb). Aumont 
et al. (2003) found that  diatoms and their mesozooplankton grazers accounted for 55 % 
of sinking export and 20 % of production.  Nelson et al. (1995) estimated a maximum 
diatom productivity contribution of 43 %, including productive coastal waters. 
 As in METb, the spatial patterns of CaCO3 production and export are in generally 
good agreement with the global sediment trap synthesis of Milliman (1993) and satellite-
based estimates of coccolithophore bloom distributions (Brown and Yoder, 1994; Brown 
and Podestá, 1997; Iglesias-Rodriguez et al., 2002). Highest calcification rates and 
CaCO3 export are seen over the Patagonian shelf and in some other midlatitude Southern 
Ocean regions, in the coastal and equatorial upwelling zones, in the Arabian Sea, and in 
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parts of the North Atlantic (Figure 5). The globally integrated calcification is 0.53 GtC, 
with 0.25 GtC sinking across 1100 m.  Milliman et al. (1999) estimate global 
calcification as 0.7 GtC with the flux to the deep ocean (> 1000 m) of ~0.3 GtC.  Model 
estimates of deep ocean sinking fluxes at 1100 m for POC and bSi are 0.59 GtC and 41 
Tmol Si, respectively.   
 The model rain ratio (sinking CaCO3/sinking POC) at 111m integrated globally is 
0.065.  Yamanaka and Tajika (1996) estimate the global rain ratio to be between 0.08 - 
0.1.  Sarmiento et al. (2002) recently argue for a value of ~0.06, with peak values near the 
equator (> 0.08), lower values in the gyres, and minimum values at high latitudes. Their 
data-model synthesis had a very low rain ratio (0.023) in the North Atlantic, surprising as 
this region is known for frequent coccolithophore blooms. Our simulated rain ratios over 
most of the mid to high latitude North Atlantic are 0.07-0.12, with a small area exceeding 
0.25.  We simulate relatively high rain ratios in the gyres (~0.09–0.15) and generally low 
values at high southern latitudes (<0.05).  These patterns in the rain ratio are quite 
different than the spatial patterns of absolute CaCO3 production.  Despite elevated CaCO3 
export, the rain ratio in coastal and equatorial upwelling zones is typically low due to 
high levels of POC export (Figure 5). 
 Global biogenic silica production in the model is 189 Tmol Si with about a third 
(63 Tmol Si) exported across 111 m. The biogenic Si export ratio varies as a function of 
temperature and the fraction of diatom mortality due to grazing and non-grazing 
pathways (see Methods and Appendix). Nelson et al. (1995) estimate a global bSi 
production of 200-280 Tmol Si/yr and a sinking export of 100-140 Tmol Si based on an 
assumed export ratio of 50 %, and Gnanadesikan (1999) computes bSi export at 89 Tmol, 
arguing that the total is likely << 100 Tmol. Nelson et al. (1995) note that at least 50 % of 
bSi dissolves in the upper 100 m of the ocean, with an average dissolution of 58 % 
(export ratio of 0.42) in their observational datasets. Our lower export ratio includes Si 
released through nongrazing mortality meant to account for viral losses and leakage from 
cells.  In the radiolabeled Si studies cited by Nelson et al. (1995), Si that is taken up but 
then leaks from the cell during the incubation would not be accounted for, possibly 
reconciling our lower export ratios. Nelson et al. (1995) also include coastal diatom 
production, which is only weakly captured in our GCM.  

Regionally, model areal annual bSi production rates qualitatively agree with field 
estimates. Compared with Nelson et al. (1995), model rates are: generally below 0.1 
versus 0.2 mol/m2/yr for the mid-ocean gyres, where diatom production is likely driven 
by nutrient input from eddies and other mesoscale processes not included in the physical 
model; 1-2 versus above 8 mol/m2/yr for underresolved coastal upwelling areas; 0.4-2.0 
versus 2.2 mol/m2/yr for the subarctic Pacific; and 0.3-2.0 versus 0.4-1.0 mol/m2/yr for 
the Southern Ocean. Model bSi production rates are higher in the SW Atlantic sector and 
the SW Pacific sector of the Southern Ocean, exceeding 2.0 molSi/m2/yr. Recent 
observations during the U.S. JGOFS Southern Ocean study along 170 oW found annual 
production rates of 1.9-3.0 molSi/m2/yr (Nelson et al., 2001). Ragueneau et al. (2000) 
summarize available sediment trap data of sinking bSi (mainly from > 1000m) and note a 
strong latitudinal dependence with low latitude bSi fluxes typically <0.2 molSi/m2/yr and 
fluxes in the mid-ocean gyres <0.03 molSi/m2/yr.  Higher fluxes at these latitudes are 
seen in coastal upwelling zones and in the equatorial Pacific. Highest sinking fluxes were 
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in the Southern Ocean and the North Pacific, ranging from 0.4-0.9 molSi/m2/yr 
(Ragueneau et al., 2000, compare with Figure 5). 
 
Nitrogen Fixation and Nutrient Limitation Patterns 
 The spatial pattern of nitrogen fixation in the model is similar to METb (Figure 
6), but the total of 55.5 TgN/yr is lower (62.4 TgN in METb) and well below recent 
observational (80 TgN; Capone et al., 1997) and geochemical estimates (>100 TgN; 
Gruber and Sarmiento, 1997; Deutsch et al., 2001; Karl et al., 2002). Such high rates are 
not sustainable in our coarse resolution GCM, possibly this is because eddies, storms, and 
other mesoscale processes that are important sources of new nutrients in tropical and 
subtropical regions are not represented.  Also, our sinking export of biogenic material is 
forced to be a constant molar N/P ratio of 16. But, the N/P ratio of sinking material at 
HOT is consistently >> 16 during times of N fixation (Christian et al., 1997; Karl et al., 
2002), and observations in the North Atlantic at BATS show elevated PON/POP and 
DON/DOP ratios (Ammerman et al., 2003). Thus in our model increasing N fixation 
tends to deplete phosphate below observed concentrations, causing strong P limitation of 
the diazotrophs, mainly in the North Atlantic.  
 As in METb, elevated nitrogen fixation is simulated along the northern coasts of 
South America and Australia, in the Arabian Sea, in the central North Pacific gyre, in the 
tropical Atlantic, and west of Madagascar.  Generally low rates of nitrogen fixation are 
simulated elsewhere particularly in the equatorial Pacific, where low dissolved iron 
concentrations strongly limit diazotroph growth rates.  In the North Atlantic, nitrogen 
fixation rates in the Sargasso Sea are < ~8 mmolN/m2/yr (2.4 mmolN/m2/yr at BATS)  
well below the rates seen farther south, which are 16-40 mmolN/m2/yr (Figure 6).  The 
lowest rates in this region (<1 mmolN/m2/yr) are south of BATS in a region where mixed 
layers never exceed ~60 m.  Thus, there is no seasonal entrainment of nutrients from 
below, and growth of the diazotrophs is strongly P-limited. 
   Our results in the tropical Atlantic region can be compared with the simulations of 
Hood et al. (submitted) which did not include phosphorus as a limiting nutrient.  That 
study predicted substantially higher N-fixation rates in the Gulf of Mexico and in the 
Caribbean region (~15-25 oN), more in line with observations than this study.  Both 
simulations show elevated nitrogen fixation along the northern coast of South America 
and in the eastern North Atlantic adjacent to Africa.  Orcutt et al. (2001) observed 
nitrogen fixation rates of ~15 mmolN/m2/yr at BATS and significantly higher rates 
farther south.  Early in our simulation, N-fixation rates in the BATS region were much 
closer to the field observations (14.0 mmolN/m2/yr at year 4).  Similarly, rates throughout 
Caribbean were also higher (20-70 mmolN/m2/yr , year 4).  Thus, phosphate is depleted 
in the North Atlantic early in the simulation to the extent that simulated nitrogen fixation 
is too low (particularly north of ~15 oN, Figure 6). 
 Similarly, in the eastern North Pacific at HOT, N fixation is Fe-limited at rates 
below those observed in situ.  Our simulated iron concentrations (~0.11 nM) are at the 
low end of the observations in this region (Johnson et al., 2003).  The model simulates 
nitrogen fixation at the HOT site of ~11.5 mmolN/m2/yr, compared with observational 
estimates of 31-51 mmolN/m2/yr (Karl et al., 1997).  Higher N-fixation rates exceeding 
40 mmolN/m2/yr are seen in our simulation in the central North Pacific in the western 
side of the basin.  The general spatial patterns in the Pacific basin including the latitudinal 
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bands of elevated N-fixation and the intensification in the western part of the subtropical 
gyres are in very good agreement with the N* analysis by Deutsch et al. (2001), although 
total N fixation is lower than their estimate.   
 In general, the nutrient and light limitation patterns for the three classes of 
phytoplankton (Figure 7 averaged over summer season in each hemisphere) are similar to 
those of METb, with several noticeable differences. As already mentioned, the iron-
limited area in the equatorial Pacific is larger, and phosphorus-limited areas in the North 
Atlantic are much more extensive due to modest to high levels of nitrogen fixation early 
in the simulation, leading to increased phosphate drawdown and export.  Recall that 
subsurface nutrients were held at constant concentrations in METb, so progressive 
phosphate depletion was not possible despite the generally higher nitrogen fixation rates. 
In a sensitivity simulation with no N-fixation or primary production by diazotrophs 
(Table 4), the P-limited areas for the diatoms and small phytoplankton groups are N-
limited instead.  Substantial field observations support the idea of strong phosphate 
depletion and P-limitation of the diazotrophs and perhaps other phytoplankton in the 
North Atlantic (Wu et al., 2000; Sańudo-Wilhelmy et al., 2001; Dyhrman et al., 2002; 
Ammerman et al., 2003). This pattern is consistent with the higher atmospheric iron 
inputs in the North Atlantic (Berman-Frank et al., 2001). 

When nitrogen fixation and diazotroph production are set to zero, primary 
production declines by 10 % from 48.2 GtC in our standard run to 43.3 GtC (Table 4). 
Only 0.24 GtC of this difference is due directly to diazotroph production; the remainder 
is due to increased production by the other phytoplankton groups in response to the new 
nitrogen introduced by diazotrophs. Even in areas with substantial N-fixation, 
diazotrophs never account for more than ~5 % of annual primary production. The small 
phytoplankton group benefits preferentially from nitrogen fixation since this group tends 
to dominate the community in well-stratified areas where diazotrophs thrive.  Sinking 
POC flux at 111m is 0.47 GtC higher with N-fixation, supporting 8 % of global export 
production in the standard simulation (Table 4). Direct export from diazotrophs is 
negligible in the current model formulation (Appendix), and this export is mainly due to 
the diatoms and small phytoplankton. Without N-fixation, there are no areas where 
phytoplankton growth is P-limited during summer months (compare with Figure 7).  
Recall our simulations are on the low end of observational and geochemical estimates of 
global nitrogen fixation rates. Thus, our results should be viewed as minimal estimates of 
the global impact of nitrogen fixation.  
 Model phytoplankton can be limited by light, nutrients, and temperature or be 
“replete.”  Temperature limitation applies only to the diazotrophs, whose growth rates are 
drastically reduced at temperatures below 15 oC in our model. Light and nutrient 
limitation are multiplicative (METa), and in Figure 7 we plot the most limiting growth 
factor in surface waters during summer months.  Phytoplankton are termed nutrient and 
light replete if they are growing at > 90 % of their maximum temperature-dependent rate. 
These conditions tend to occur when strong grazing pressure prevents blooms that would 
otherwise deplete nutrients. This 90 % cutoff is an arbitrary definition, using a cutoff of 
85 % increases the replete area for the small phytoplankton group (mainly in HNLC 
regions), but has little impact on the diatoms.  The diatoms and small phytoplankton are 
light-limited mainly in high latitudes areas with heavy sea ice cover and some lower 
latitude areas due to self-shading within blooms.  Due to their substantially lower initial 
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slope of the production vs. irradiance curve, diazotrophs are light-limited over portions of 
the tropical/subtropical oceans.  Most tropical/subtropical areas are iron-limited for the 
diazotrophs (70 % of the areas where temperature is not restricting their growth).  The 
results are consistent with the suggestion by Berman-Frank et al. (2001) that for 
Trichodesmium spp., iron is the limiting nutrient throughout most of the world ocean.  
However, our results also point to a significant role for the light regime in controlling 
nitrogen fixation (Hansell and Feely, 2000; METb; Hood et al., submitted).  We can 
define nutrient-light colimitation as reductions of at least 10 % due to the most limiting 
nutrient, and by at least 10 % due to light (phytoplankton growing at <= 80 % of their 
maximum rates).  By this definition, 20.3 % of the ocean is iron-light colimited, and 4.8 
% if phosphorus-light colimited for the diazotrophs.  Smaller areas are iron-light 
colimited for the small phytoplankton (10.0 %) and for the diatoms (4.3 %).  This 
definition of colimitation is also an arbitrary; if 15 % reductions in growth are required, 
the areas colimited decrease substantially. 
 The major HNLC regions in the subarctic North Pacific, equatorial Pacific, and 
Southern Ocean are mainly iron-limited for both diatoms and small phytoplankton. 
Portions of the Southern Ocean are nutrient-replete (essentially “grazer-limited”) for the 
small phytoplankton when averaged over summer months, but by late summer these areas 
also tend to be iron-limited. Small phytoplankton are iron-limited over much of the high 
latitude North Atlantic, a pattern seen in METb and Fung et al. (2000).  Diatoms are Si-
limited in the North Atlantic and large portions of the equatorial Pacific. Field 
observations indicate that Si-limitation terminated the spring diatom bloom during the 
NABE study (Sieracki et al., 1993). Most of the Si-limited areas in the Pacific are within 
our expanded HNLC region and may be partly an artifact of excessive upwelling. In the 
simulation intense diatom blooms, larger than observed in situ occur on the equator, 
depleting Si relative to other macronutrients in the upwelling water.  Si growth regulation 
in this region has been a topic of some debate (Dugdale and Wilkerson, 1998; Dunne et 
al., 1999; Leynaert et al., 2001).  Aumont et al. (2003) found no Si-limitation in this 
region but had similar patterns of Si-limitation in the North Atlantic and more Si 
limitation in the subantarctic Southern Ocean. Globally the diatoms and small 
phytoplankton are iron-limited over 26 % and 37 % of the world ocean, respectively. 
Aumont et al. (2003) predict diatom are iron-limited over 40 % of the ocean, with much 
of the difference due to reduced Si-limitation in their simulation.  Less of the ocean is 
iron-limited than in our previous work with the simple physical model (39 % for diatoms 
and 50 % for small phytoplankton, METB).  Substantial tropical regions in the Indian and 
Atlantic oceans were iron-limited in that simulation, probably because our fixed 
subsurface iron concentrations were set too low.  The iron-limited areas in the subarctic 
North Pacific and in the Southern Ocean were also somewhat larger in METB.   
 
Iron Cycling 
 Annual dissolved iron uptake by the phytoplankton is 20.7 * 109 mol Fe, similar 
to the 18 * 109 mol Fe/yr  simulated by Aumont et al. (2003).  This is surprising given the 
differences in phytoplankton community composition and Fe/C ratios in the two models.  
Diazotrophs account for 4.3 % of iron uptake, but only 0.5 % of primary production, due 
to their elevated demand for iron (high Fe/C ratios).   The global mean Fe/C ratio in our 
simulation was 5.1 µmol/mol, with considerable regional variations.  This is quite similar 
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to the mean value of 5 µmol/mol suggested by Johnson et al., (1997) and the value of 5.1 
µmol/mol simulated by Aumont et al. (2003). Mean Fe/C in sinking export at 111 m was 
5.5 µmol/mol, higher due to scavenged iron.  
 The sedimentary and atmospheric sources for dissolved iron are similar in 
magnitude (Figure 8) but with very different spatial distributions.  The sedimentary 
source is localized in the few shallow regions, while most of the atmospheric deposition 
(77 %) occurs near desert sources (within 14 % of total ocean area), with a more diffuse 
atmospheric deposition spread globally.  Comparing the sedimentary iron source with the 
scavenging loss to the sediments (Figure 8), it is apparent that much of the iron released 
from the sediments is removed locally by scavenging.  Similarly, in areas with high dust 
deposition, much of the iron input is removed by scavenging.  Iron concentrations exceed 
0.6 nM in these areas, and model scavenging rates increase rapidly above this level.   
 Global budget terms for the iron cycle, including sediment and atmosphere inputs, 
sediment deposition, and upper ocean residence times are summarized in Table 3. 
Residence times are calculated as total dissolved iron divided by sinking particulate iron 
export.  This ignores mixing/subduction export of dissolved inorganic and organic iron, 
which is likely a small loss at 466 m but may be significant at 111 m.  Areas of 
sedimentary input or high dust deposition have high scavenging rates and generally short 
residence times.  In Table 3, we divide the ocean into areas of high iron inputs 
(sedimentary source and/or dust deposition >1.6 g dust/m2/yr, 18.2 % of total ocean area) 
and remaining areas with low external inputs of dissolved iron (81.8 % of ocean area).  
Residence times are longer in the areas with low inputs, where dissolved iron 
concentrations are typically well below 0.6 nM.  Mean residence times of 1-4 months for 
surface waters (to 100 m) and 15-41 years for the deep ocean were estimated by de Baar 
and de Jong (2001).   
 Aumont et al. (2003) and Gregg et al. (2003) make different assumptions about 
the iron content of dust, prescribe a surface solubility of 1 %, and do not allow for 
subsurface dust dissolution and iron release.  In our model, subsurface dust dissolution 
releases an additional 2.2 x 109 mol Fe/yr of bioavailable iron in the upper 111 m.  Our 
bioavailable iron input from dust deposition to the upper 111m (including surface and 
subsurface dissolution) is 8.1 x 109 mol Fe/yr with an additional 2.5 x 109 mol Fe/yr from 
the sediments (Table 3).  As these models have similar biological uptake rates and 
maintain reasonable surface dissolved iron concentrations, the losses to scavenging must 
be substantially higher in our simulation.  Previously we estimated an input of 5.3 x 109 
mol Fe/yr using the same dust deposition (Tegen and Fung, 1995) as Aumont et al. 
(2003) but with 2 % surface solubility and different assumptions about iron content in the 
dust (METb).  Fung et al. (2000) estimated surface inputs of 1-10 x 109 mol Fe/yr 
assuming a surface solubility of 1-10 %.  These differences highlight the large 
uncertainties surrounding iron inputs and questions of solubility, bioavailability, and 
scavenging losses.  
 
Sensitivity to Variations in Iron Inputs 
 Reducing the magnitude of the sedimentary iron source to zero has modest effects 
on global scale primary production, export production, nitrogen fixation, and areal extent 
of iron limitation (Table 4). The BEC model is relatively insensitive to this modification 
because most of the sediment iron input is lost rapidly via scavenging within a relatively 
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small area. Mean iron concentration in the bottom cell in shallow regions declines from 
~1.7 nM in our standard run to 0.52 nM with no sediment source.  Areas iron-limited for 
all phytoplankton groups increase by at most a few percent globally, mostly in the Arctic 
Ocean. Nearly the entire Arctic becomes iron-limited for diatoms and  iron- or light-
limited for the small phytoplankton without the sedimentary source, in contrast to our 
standard run where the shelf regions are mainly N-limited (Figure 7). Atmospheric iron 
inputs are generally low at these high northern latitudes. 
 Variations in atmospheric iron inputs, in contrast, have significant global impacts 
(Table 4).  The responses are similar in magnitude to those found in METb for short-term 
(< 3 years) experiments with fixed, subsurface nutrient concentrations. We examine the 
sensitivity of forcing the model with the climatological dust flux from Zender et al. 
(2003), and we compare our standard run with multi-decadal simulations where the 
standard dust flux is multiplied by factors of 0.1, 0.25, 0.5, 2, 4, and 10, likely bounding 
the possible variations in dust deposition to the oceans due to climate variations. 
Mahowald et al. (1999) estimate that global dust loading to the atmosphere was 2.5 times 
higher at the last glacial maximum (LGM), with 20-fold increases seen at high latitudes. 
This resulted in a 4.6-fold increase in dust deposition to the oceans (METb). Mahowald 
and Luo (2003) estimate that dust fluxes could decline by 60 % by 2100. 
 When dust flux is doubled (Dustx2), primary production increases by 1.1 GtC, 
sinking POC export by 0.6 GtC, and nitrogen fixation by nearly 22 % to 68 TgN/yr 
(Table 4).  Note that these differences are the sustained decadal timescale response to 
variation in iron inputs (24-year runs).  Much of the enhanced nitrogen fixation is in the 
western Pacific basin, the spatial pattern similar to Deutsch et al. (2001). N-fixation at 
HOT grows from 11.5 to 23.3 mmolN/m2/yr. The HNLC regions shrink, nearly 
disappearing in the subarctic North Pacific, where macronutrients are seasonally depleted 
(N limitation), and the size of the equatorial Pacific HNLC region is significantly smaller. 
Increasing dust flux fourfold (Dustx4) leads to even larger ecological responses, with the 
equatorial Pacific HNLC region shrinking smaller than observed and the entire subarctic 
North Pacific switching to N-limitation during summer months.  In the extreme case of a 
10-fold increase in dust flux (Dustx10), export production increases over the standard 
simulation by 1.5 GtC/yr, nitrogen fixation increases to 86 TgN/yr, only small portions of 
the equatorial Pacific remain iron-limited, but notably most of the high latitude Southern 
Ocean is still iron-limited during summer months (though with large increases in POC 
export).  Decreasing dust flux has similar impacts reducing global export fluxes and 
nitrogen fixation significantly (Table 4).  The area iron-limited for each phytoplankton 
group during summer months also varies directly with dust inputs from the atmosphere, 
increasing to ~ 50 % of the world ocean for the diazotroph and small phytoplankton 
groups when dust is reduced by half (Table 4).  The dust climatology of Zender et al. 
(2003) results in reductions in primary and export production, nitrogen fixation, and in 
mean surface iron concentrations relative to our standard run.  These results are 
consistent with a lower total oceanic dust deposition in this climatology relative to the 
standard simulation (from Luo et al., 2003). 
 Higher atmospheric iron inputs tend to favor diatom production in HNLC regions 
(as in METb).  Diatoms account for 31.6 % of global primary production in our standard 
run, increasing to 34.5 % in the x2 simulation.  In general, the contribution of diatoms to 
primary production scales directly with dust inputs, increasing at higher iron inputs and 
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decreasing at lower dust fluxes (Table 4).  As iron increases, diatoms have an advantage 
due to their lower grazing losses, while at lower iron concentrations the diatoms are not 
as efficient at iron uptake.  Mean upper ocean iron concentrations also scale proportional 
to dust inputs and the mean residence time varies inversely with dust deposition (Table 
4). The residence time is partly a function of the iron scavenging parameterization, where 
scavenging rates are scaled with iron concentration (see Appendix).  Scavenging rates 
increase sharply at high iron concentrations, resulting in decreased residence time in 
surface waters.  We note that similar processes must be at work in the real ocean to 
maintain the relatively narrow range of observed iron concentrations (~4-fold variation, 
Johnson et al., 1997) given atmospheric inputs that vary by several orders of magnitude.  
  In a sensitivity experiment with x10 atmospheric iron input, Aumont et al. (2003) 
found initial strong increases in primary and export production, while on longer 
timescales primary production decreases while export production remains elevated 
(increased by ~1.2 GtC/yr for several hundred years).  Export production in our Dustx10 
experiment is elevated by 1.5 GtC/yr after 24 years relative to our standard run (Table 4).  
Aumont et al (2003) had a very similar increase in export after 24 years (~1.6 GtC/yr, 
their Figure 11).  Our model maintains elevated primary and export production partly due 
to the inclusion of the diazotrophs, where increasing iron inputs increase N-fixation and 
primary production in the tropics and subtropics. Shifting phytoplankton community 
composition towards diatom dominance also does not increase export ratios as strongly in 
our model as in Aumont et al. (2003). 
 The responses seen in nitrogen fixation, export, and primary production to 
variations in atmospheric iron inputs to the oceans are nonlinear (Table 4).  Primary 
production is relatively unaffected, except for the Dustx0.1 and Dustx0.25 simulations, 
where there is a strong decline.  Larger responses to dust variations are seen in export 
production (Table 4).  This is because changes in ecosystem dynamics and community 
composition in response to changing iron inputs alter the export ratio in such a way as to 
minimize changes to total primary production in the model.  Increasing iron fluxes to the 
HNLC regions shifts the community composition from picoplankton dominance to 
increasing diatom production (Table 4) and to increasing contributions from 
coccolithophores (as the small phytoplankton biomass increases).  Both of these 
community shifts increase the material from primary production routed to sinking 
particulate export (see Methods and Appendix).  Similarly as dust fluxes are reduced, the 
community is increasingly shifted towards low-biomass, picoplankton-dominated 
communities with lower export ratios.     
 It should be noted that multiplying global dust fluxes by constant factors is a 
somewhat crude modification.  In reality dust deposition changes with climate, when 
wind forcing and dust source regions are modified.  In our simulation, when dust fluxes 
are doubled, most of the increase comes in areas with already heavy dust deposition (see 
Table 3).  Thus, most of the additional iron is lost to scavenging.  Only the iron added to 
regions where iron is the growth-limiting nutrient directly impacts primary and export 
production.  For the diatoms and small phytoplankton this is mainly in the classic HNLC 
regions.  For the diazotrophs, iron is the limiting nutrient over most tropical/subtropical 
regions.  This is why nitrogen fixation rates respond in such a strong way to iron input 
variations (Table 4).  Increasing nitrogen fixation then fuels additional primary and 
export production by the diatoms and the small phytoplankton, which tend to be nitrogen 
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limited in these regions.  At the HOT site near Hawaii, increasing dust inputs by factors 
of 2 and 4 increases annual nitrogen fixation rates by factors of 2 and 3, respectively.  At 
higher dust inputs (Dustx10) light limitation and grazing pressure prevent further large 
increases in nitrogen fixation at HOT.  Changes in dust source regions that increase dust 
flux by larger factors, specifically in the high latitude HNLC regions, could result in 
larger changes to global export than seen here.  This has been suggested for the last 
glacial maximum where expansion of dust source regions led to > 20-fold increases in 
dust deposition to parts of the Southern Ocean (Mahowald et al., 1999).    
 In any given year, most of the iron supporting phytoplankton uptake (~70-80 %) 
comes from below through entrainment and mixing of subsurface iron (Archer and 
Johnson, 2000; METb; Aumont et al., 2003; this study). Due to the relatively short 
residence times for iron, however, subsurface iron concentrations are ultimately 
dependent on atmospheric deposition.  Without continual surface input, iron would be 
rapidly depleted in the upper water column by biology and adsorption to and removal by 
sinking particles.  In the simulations where dust flux was altered, listed in Table 4, export 
production and nitrogen fixation rates respond quickly, within a couple of years, and then 
maintain at either elevated or depressed levels relative to the standard simulation for two 
decades.  The timescale for ocean biogeochemistry to respond to changes in dust 
deposition is short because of the short residence time for iron in the upper ocean (Tables 
3 and 4).  Significant interannual and decadal timescale variability in dust deposition to 
the oceans (Mahowald et al., 2002; 2003) should, therefore, modulate upper ocean 
biogeochemistry and air-sea CO2 flux over these timescales. 
 
Summary and Discussion   
 The coupled BEC model qualitatively, and to a large degree quantitatively, 
reproduces observed global-scale patterns of surface nutrient concentrations, primary 
production, and sinking export of particulate organic carbon, biogenic silica, and calcium 
carbonate.  The model captures the known ecological contributions of key phytoplankton 
functional groups, including diatoms, coccolithophores, and diazotrophs.  Diatoms 
dominate the flux of POC out of surface waters (46 %), while accounting for 32 % of 
total primary production. The mineral ballast model as implemented gives a larger role to 
the coccolithophores in terms of POC flux to the deep ocean (> 1000 m).  Nitrogen fixers 
account for a small fraction of primary production, but indirectly fuel 10 % of primary 
production and 8 % of sinking POC export out of surface waters.  Our model 
underestimates total N-fixation relative to recent observationally based estimates by a 
factor of 2 or more, and thus these impacts on primary and export production are also 
likely low. 
 One deficiency in the simulation is the enlarged size of the equatorial Pacific 
HNLC region compared with observations. Similar problems are apparent in previous 
global simulations (Palmer and Totterdell, 2001; Bopp et al., 2001; Aumont et al., 2003). 
The cold tongue associated with upwelling in our simulation is often larger and extends 
farther west than seen in satellite observations. Thus it is likely that the enlarged HNLC is 
driven by excessive equatorial upwelling, a common problem in coarse resolution 
circulation models (Gnanadesikan et al., 2002). Subsurface nutrient concentrations along 
the equator generally agree with observations, suggesting that nutrient trapping (Oschlies, 
2000) is not the major issue. Doubling dust deposition reduces the size of HNLC region, 
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but the dust deposition in the standard run compares favorably with measurements on 
Oahu and Midway islands (even somewhat higher than observations, Luo et al., 2003).  
We cannot rule out the possibility that the iron solubility at deposition may be too low 
(see Johnson et al., 2003).  Significantly increased dust flux or surface solubility is 
inconsistent with iron limitation in the subarctic North Pacific in the model.  However, 
we assume a constant solubility and there are likely spatial and temporal variations in 
solubility that may also play a role in our large equatorial HNLC region. 
 Simulated productivity, community structure, and carbon export all exhibit 
considerable sensitivity, sustainable over decadal timescales, to shifts in atmospheric dust 
deposition. While broadly supporting the Martin hypothesis that large increases in dust 
deposition during ice age periods led to enhanced biological export of carbon to the deep 
ocean (Martin, 1990; Martin et al., 1991; Moore et al., 2000), some caution is necessary, 
as our simulations represent a much shorter timescale than the ocean biogeochemical 
response over glacial-interglacial periods. In future work we plan to quantify how 
decadal to century timescale variations in dust deposition influence ocean 
biogeochemistry and air-sea CO2 exchange. Global-scale nitrogen fixation is also 
sensitive to variation in atmospheric iron inputs, supporting the findings of Berman-Frank 
et al. (2001) that iron likely limits N-fixation rates over much of the tropics and 
subtropics.  However, our results also point to a significant role for mixed layer depth and 
the associated light regime in controlling nitrogen fixation (Hansell and Feely, 2000; 
METb; Hood et al., submitted; this study). Over the coming century these warm water 
regions are predicted to become more stratified as a result of global warming (Sarmiento 
et al., 2004), potentially leading to enhanced nitrogen fixation in many regions (Boyd and 
Doney, 2002) as has been observed at the HOT site during periods of increased 
stratification (Karl et al., 1995).  However, reduced dust deposition (Mahowald and Luo, 
2003) could act to offset this potential increase in nitrogen fixation. 
 The BEC model is considerably less responsive to variations in the sedimentary 
iron source.  This is because significant portions of the atmospheric input go to open 
ocean, iron-limited regions, while the sedimentary source is more localized.  The 
sedimentary source is critical in the Arctic Ocean and portions of the high latitude North 
Atlantic, and likely accounts for much of the difference in phytoplankton bloom 
dynamics in the northern versus southern high latitude regions.  Around much of 
Antarctica the continental shelf is narrow and steep.  The few areas with larger shelf 
regions are notably the areas where phytoplankton blooms are observed most frequently 
(i.e., Moore and Abbott, 2000). 
 The results presented here are encouraging that sufficient ecological complexity 
can be captured at the global-scale to use coupled models to predict the ecological and 
biogeochemical response of the oceans to changing climate conditions.  Future work will 
examine the links and feedbacks between dust deposition, climate, marine ecosystem 
dynamics, and ocean biogeochemistry.   
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______________________________________________________________________ 
 
Table 1. Key parameters used in the marine ecosystem portion of the coupled 
BEC model (see METa for details).  An asterisk (*) indicates the parameter is scaled by 
the temperature function. Rates are daily unless noted otherwise.  Concentrations are in 
µM unless noted otherwise. (sphyto = small phytoplankton group) 
______________________________________________________________________ 
 
0.02  Fraction of atmospheric iron deposition which dissolves at surface 
3.0*  Maximum C-specific growth rates for diatoms and sphyto 
0.4*  Maximum C-specific growth rate for diazotrophs 
0.1  Non-grazing mortality term for diatoms and sphyto 
0.18  Non-grazing mortality term for diazotrophs 
0.009  Coefficient in quadratic mortality/aggregation term for diatoms and sphyto 
2.75*  Maximum grazing rate on sphyto 
2.0*  Maximum grazing rate on diatoms 
1.2*  Maximum grazing rate on diazotrophs 
0.1*  Linear zooplankton loss term 
0.46*  Quadratic zooplankton loss term 
1.05  Coefficient z_grz used in zooplankton grazing rate calculation 
0.01  Inverse timescale of DOM remineralization (100 days) 
0.5  Ks value for sphyto nitrate uptake 
2.5  Ks value for diatom nitrate uptake 
0.005  Ks value for sphyto ammonium uptake 
0.08  Ks value for diatom ammonium uptake 
1.0  Ks value for diatom silicate uptake 
0.0003125 Ks value for sphyto phosphate uptake 
0.005  Ks value for diatom phosphate uptake 
0.0075  Ks value for diazotroph phosphate uptake 
60   Ks value for sphyto iron uptake (pM) 
160  Ks value for diatom iron uptake (pM) 
100   Ks value for diazotroph iron uptake (pM) 
0.25  Initial slope of P vs. I curve for diatoms and sphyto (see METa) 
0.028  Initial slope of P vs. I curve for diazotrophs 
6.0  Optimum Fe/C ratio (µmol/mol) for diatoms and sphyto 
2.5  Minimum Fe/C ratio (µmol/mol) for diatoms and sphyto 
2.5  Fixed Fe/C ratio (µmol/mol)  for zooplankton 
48.0  Optimum Fe/C ratio (µmol/mol) for diazotrophs 
14.0  Minimum Fe/C ratio (µmol/mol) for diazotrophs 
0.137  Optimum Si/C ratio (mol/mol) for diatoms 
0.685  Maximum Si/C ratio (mol/mol) for diatoms 
0.0685  Minimum Si/C ratio (mol/mol) for diatoms 
0.137  Fixed molar N/C ratio for all phytoplankton and zooplankton 
0.00855 Fixed molar P/C ratio for diatoms, sphyto, and zooplankton 
0.00304 Fixed molar P/C ratio for diazotrophs 
2.3  Maximum Chl/N ratio for (mg Chl/mmolN) for sphyto 
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3.0  Maximum Chl/N ratio for (mg Chl/mmolN) for diatoms 
3.4  Maximum Chl/N ratio for (mg Chl/mmolN) for diazotrophs 
__________________________________________________________________ 
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______________________________________________________________________ 
 
Table 2. Parameter values used in the mineral ballast model of particulate 
remineralization through the water column (based on Armstrong et al., 2002 and Klaas 
and Archer, 2002).  Length is the lengthscale of remineralization for the soft portion of 
ballast and associated POM, %Hard is the fraction assumed resistant to remineralization, 
OCRatio is the assumed bound organic carbon / mineral ballast ratio by weight.  A 
portion of the POM is bound to each mineral ballast and has the same remineralization 
profile as the ballast.  The hard portion of each ballast and the associated POM 
remineralize with a long length scale of 40,000m (see text for details). 
 
   Length (m)     %Hard          OCRatio                                             .                                
 
Soft POM  70-643*  --    -- 
(C, N, P, Fe,) 
 
Biogenic Si  70-643* 60%  0.035 
 
CaCO3   600  60%  0.07 
 
Mineral Dust  600  95%  0.07 
______________________________________________________________________ 
* - indicates parameter is scaled by our temperature function, range given for 30 to -2 oC. 
  
 

 23



______________________________________________________________________ 
 
Table 3. Global sinks and source of dissolved iron in the world ocean.  High iron input 
areas are defined as areas with sedimentary input and/or atmospheric dust deposition > 
1.6 gDust/m2/year.  Residence time estimated by dividing the total dissolved iron pool 
during December by the annual sinking particulate iron flux.  Residence times are 
estimated for the global ocean and for high and low iron input regions separately.  Units 
are * 1012 mmol Fe/yr, unless noted otherwise.  
______________________________________________________________________ 
Input from dust deposition (surface)  5.84 
Input from dust deposition (< 111 m)  8.06 
Input from dust deposition (< 466 m)  13.7 
Input from dust deposition (total)  37.5 
Sedimentary input (< 111 m)   2.51   
Sedimentary input (< 466 m)   7.59    
Sedimentary input (total)   12.5 
Total Inputs     50.0 
 
Total Scavenging Loss to Sediments  49.9    
 
Total dissolved iron (< 111 m)  15.1  Mean concentration  0.38 nM 
Total dissolved iron (< 466 m)  76.1  Mean concentration  0.47 nM 
 
Mean Residence Time (< 111 m)   1.3 yrs 
Mean Residence Time (< 466 m)   3.5 yrs 
 
High Iron Input Regions   (18.2 % of total ocean area) 
Total Dissolved Iron (< 111 m)  5.2 Mean concentration 0.73 nM 
Total Dissolved Iron (< 466 m)  19.2 Mean concentration  0.68 nM 
 
Residence Time (< 111 m)   0.61 yrs 
Residence Time (< 466 m)   1.1 yrs 
 
Low Iron Input Regions  (81.8 % of total ocean area) 
Total Dissolved Iron (< 111 m)  9.9 Mean concentration 0.31 nM 
Total Dissolved Iron (< 466 m)  56.9 Mean concentration 0.42 nM 
 
Residence Time (< 111 m)   3.7 yrs 
Residence Time (< 466 m)   14.4 yrs 
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________________________________________________________________________ 
 
Table 4. Sensitivity of marine ecosystem and biogeochemical cycling to variations in N-
fixation and iron inputs.  Results shown are from year 24, where PP - primary production 
(Gt C), Sink - sinking particulate organic carbon flux  at 111m (Gt C), NFix - global 
nitrogen fixation (Tg N), %Diat, %Sp, %Diaz - percentage of ocean area iron-limited 
(summer months), dFe - global mean iron concentration in the upper 111m of the ocean 
(nM), Tres - global mean residence time for iron in upper 111m (Years), and DiatPP% - 
percentage of total productivity by diatoms.  Runs include NoNfix - with no nitrogen 
fixation,  NoSedFe - no sedimentary iron source, Zend03 – with dust input from the 
climatology of Zender et al. (2003), Dustx0.1, Dustx0.25, and Dustx0.5 - dust flux 
reduced by factors of 0.1, 0.25, and 0.5, Dustx2, Dustx4, and Dustx10 - dust flux 
increased by factors of 2, 4, and 10. 
________________________________________________________________________ 
 
   PP Sink    NFix  %Diat   %Sp    %Diaz dFe     Tres   DiatPP% 
 
Standard 48.2 5.84 55.5 27.7 36.3 44.1 0.38 1.3 31.6  
    
NoSedFe 48.1 5.80 55.0 27.9 37.7 44.5 0.37 1.7 31.3  
 
NoNfix 43.3 5.37 0.0 27.5 34.6   -- 0.40 1.4 33.5  
 
Zend03 46.7 5.38 46.9 32.8 45.8 49.6 0.30 1.4 29.6 
 
Dustx0.1 40.9 4.21 27.2 57.2 70.8 54.9 0.18 1.6 26.1 
 
Dustx0.25 44.0 4.74 34.6 44.4 59.9 52.2 0.23 1.6 27.0  
 
Dustx0.5 46.6 5.27 43.8 35.6 49.5 49.7 0.29 1.5 28.2  
 
Dustx2  49.3 6.44 67.6 20.2 24.6 35.5 0.50 1.0 34.5 
    
Dustx4  49.7 6.91 78.3 14.6 15.4 26.5 0.61 0.69 36.2 
 
Dustx10 49.9 7.36 85.6 9.37 7.66 14.1 0.79 0.38 38.4  
__________________________________________________________________ 
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Appendix 
 
Iron Scavenging 
 The iron scavenging rate (1/yr) is parameterized based on ambient iron 
concentration and the number of particles available to scavenge iron:  
 
Fe_scav = 0.12 * 
      MIN ((sinking dust + sinking POC + all other POC)/Ref_Particle), 4.0) 
 
If dFe < 0.4 nM then Fe_scav = Fe_scav * (dFe/0.4) 
 
If dFe > 0.6 nM then Fe_scav = Fe_scav + ((dFe - 0.6) * (6.0 / 1.4)) 
 
 A base scavenging rate of 12 %/yr, is reduced in areas where standing particle 
concentration + the sinking particle flux falls below a threshold value.  The reference 
value (Ref_Particle=0.0066 nmolC/cm2/s) is set relatively high such that the base 
scavenging rate is reduced in most regions, particularly at depth.  Dust and standing POC 
are scaled to give similar units to sinking POC flux.  Standing stock of POC (nmolC/cm3) 
is scaled by a factor of 0.002, and sinking dust (gDust/cm2/s) is scaled by a factor of 
8.33e7.  This gives an approximately equal scavenging weight to dust and POC.  We are 
unaware of any studies accessing the relative scavenging efficiency of dust and organic 
particles, an area in need of further research. 
 The scavenging rate is also influenced by ambient dissolved iron concentrations, 
reduced at iron concentrations below 0.4 nM, and increased sharply above 0.6 nM.  At 
low concentrations nearly all dissolved iron is bound to strongly binding ligands and only 
weakly particle reactive.  At higher iron concentrations an increasing portion of the dFe is 
bound to weaker ligands or exists as free ions (and will be much more particle reactive).  
At very high iron concentrations dissolved iron will eventually precipitate to form iron 
oxides.  Most modeling studies have assumed that scavenged iron is permanently lost 
from the system (Archer and Johnson, 2000; METa, 2002; Christian et al., 2002).  
However, this is unlikely to be the case since many of the particles themselves will 
dissolve/remineralize at some depth in the oceans, and first principles would suggest a 
reversible process.  We put 10 % of the scavenged iron onto our sinking detritus and 
allow it to remineralize deeper in the water column.  The remaining 90 % is assumed lost 
to the sediments.   
 
Routing of Organic Materials upon Mortality 

The routing of biomass between particulate, dissolved, and inorganic pools varies 
by type of phytoplankton and type of mortality.  In general, the portion of the organic 
matter not routed to sinking POM is split between the semi-labile DOM pools (30 %) and 
remineralization (70 %). Remineralization is meant to account for direct remineralization 
and for material released as labile DOM which would rapidly remineralize.  Aggregation 
losses are routed to the sinking POM pools (100 %).  The daily non-grazing 
mortality/respiration loss term is routed 5 % to the sinking POM pools for the diatoms, 
and a small percentage based on the CaCO3 present to sinking pools for the small 
phytoplankton group.  None of the diazotroph non-grazing mortality is routed to sinking 
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detritus.  For all three groups, the fraction not routed to sinking POM is split between 
remineralization (70 %) and semi-labile DOM (30 %).   

When diatoms are grazed, 30 % of grazed organic matter goes to new 
zooplankton biomass (Straile, 1997), 26 % is routed to POM, 13 % to semi-labile DOM, 
and 31 % is remineralized.  When diazotrophs are grazed, 21  % of the organic matter is 
routed to new zooplankton biomass, 0 % to sinking detritus as their grazers typically 
don't form sinking fecal pellets, 24 % to DOM and 55 % to remineralization based on 
(O'Neil, 1999; O'Neil et al., in press).  The diazotrophs have high C/N/P relative to the 
Redfield values, when they are grazed sufficient C and N are routed to the zooplankton 
pool and to the sinking POM pool to achieve Redfield values relative to the grazed P.  
The remainder is split between remineralization (70 %) and DOM (30 %).   
 When the small phytoplankton are grazed, 30 % of the organic material is routed 
to new zooplankton biomass (Straile, 1997) and 36 % is remineralized.  The remainder is 
split between the sinking and DOM detrital pools with a function that varies based on  
CaCO3 and C biomass levels.  Enough organic carbon must be routed to the sinking pool 
to fulfill the mineral ballast requirements for CaCO3.  Thus, as calcification increases the 
portion of organic matter routed to the sinking pool must increase.  We also modify the 
portion routed to the sinking pool as a function of biomass.  This is an attempt to capture 
the ecosystem dynamics associated with cell size.  When biomass levels are low, the 
assemblage is typically dominated by very small picoplankton with single celled grazers 
that do not produce fecal pellets, thus producing little sinking export.  As biomass 
increases, particularly under bloom conditions, larger sized cells become more important 
components of the assemblage and thus we route an increasing proportion of organic 
matter to the sinking pool up to a maximum of 24 %.  At low biomass levels seen in the 
mid-ocean gyres, approximately 6 % is routed to sinking POM. 
 Zooplankton mortality is also routed among particulate and dissolved detrital 
pools based on the current prey being consumed (METa).  A fraction of zooplankton 
mortality is routed to the sinking particulate pool (fraction to POC = (13.3 % of diatom 
grazing rate + 6.66 % of grazing on small phytoplankton + 3.33 % of grazing on 
diazotrophs) / by the total grazing rate on all phytoplankton groups).  This is a much 
lower fraction than in METa.  The remaining material is split between DOM (30 %) and 
remineralization (70 %).  Note that for the diatoms 26 % of the grazed material is routed 
directly to sinking detritus and an additional ~4 % (0.3 * 0.133) is routed to sinking 
detritus after passing through the zooplankton pool (30 % total).  For small 
phytoplankton, the maximum export ratio is 26 % from these pathways.   Approximately 
0.7 % of grazed diazotroph material goes to sinking detritus (0.21 * 0.033). 
 Grazing also influences the routing of bSi and CaCO3. Diatom non-grazing 
mortality (which represents excretion of nutrients, cell lysis, respiration losses, etc.. see 
METa) leads to a high remineralization in the upper water column (95 % of the silicon 
enters the dissolved silicate pool).  This remineralization is aided by bacterial degradation 
of organic coatings (Bidle and Azam, 1999), a process not explicit in the model.  Half of 
the grazed Si is remineralized, due to direct remineralization in the zooplankton gut and 
due to the removal of organic coatings leading to a rapid remineralization.  All of the bSi 
enters the sinking detrital pool from aggregation losses.  Previously, we assumed that 50 
% of grazed CaCO3 was remineralized (METa).  Jansen and Wolf-Gladrow (2001) 
suggest that this percentage is too high.  Here we set remineralization to one third of the 
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grazed CaCO3, accounting for some re-ingestion of fecal material in the upper water 
column (Jansen and Wolf-Gladrow, 2001), a process not included explicitly in the model. 
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Figure Captions 
 
Figure 1.  Surface nitrate and phosphate concentrations (summer season in each 
hemisphere) are compared with climatological concentrations from the World Ocean 
Atlas 1998. 
 
Figure 2.  Surface silicate concentrations (summer season in each hemisphere) are 
compared with climatological concentrations from the World Ocean Atlas 1998.  Also 
shown are the summer and winter season surface dissolved iron concentrations from the 
model. 
 
Figure 3.  Model surface chlorophyll are compared with SeaWiFS satellite estimates for 
the months of June (a and c) and December (b and d). 
 
Figure 4. Model simulated annual primary production is compared with a satellite-based 
productivity estimate using the Vertically Generalized Production Model of Behrenfeld 
and Falkowski (1997, see METb for details of this production estimate). 
 
Figure 5. The annual sinking export at 111m depth of particulate organic carbon, 
biogenic silica, and calcium carbonate are depicted. 
 
Figure 6. Annual nitrogen fixation rates by the diazotrophs are displayed. 
 
Figure 7. The factor most limiting growth rates is plotted for each phytoplankton group 
during summer months in each hemisphere. 
 
Figure 8.  Displayed are the dissolved iron inputs integrated over the total water column 
from the sediments (A) and from atmospheric dust deposition (B).  Also shown is the iron 
loss to ocean sediments due to scavenging (C). 
 
 
 
 
 
 
 
 
 
 
 
 


















